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Abstract. Recent field observations and
large-eddy simulations have shown that the
impact of fast running waves (swell) on the
marine atmospheric boundary layer (MABL)
might be stronger than previously assumed.
In low to moderate wave following winds,
swell propagates faster than the mean wind,
resulting on increasing values of the wave
age ( c p / U ). The total stress (momentum

momentum will be returned to the
atmosphere in the form of wave-driven
winds.
A
model
that
reproduces
quantitatively and qualitatively the wave
following atmospheric flow and the wave
generated wind maximum, as seen from
measurements, is proposed. The model has
no previous assumptions or restrictions on
the turbulence structure of the surface layer
of the MABL. New parameterizations for the
wave-induced stress at the surface
(expressed as a function of the wave
damping ratio and wave slope) and the
variation of the wave-induced stress with
height are included in the model.

flux) above the sea surface will therefore
have two major components: the turbulent
shear stress, and the wave-induced stress,
directed
downward
and
upward,
respectively. For sufficiently high wave age
val1ues, the wave-induced component
becomes increasingly dominant, and the
total momentum flux will be directed into the
atmosphere. Recent field measurements
have shown that this upward momentum
transfer from the ocean into the atmosphere
has a considerable impact on the surface
layer flow dynamics and on the turbulence
structure of the MABL.The vertical wind
profile will no longer exhibit a logarithmic
shape, since an acceleration of the air flow
near the surface will take place, generating
a low level wave-driven wind maximum (a
wind jet).The picture that emerges from this
feedback process is of momentum being
transferred from the wind into the ocean.
Part of this momentum will be used to drive
ocean currents, but some will be responsible
by the wave generation process along storm
tracks. As waves propagate away from their
generation area as swell, some of the

1. Introduction
Although it might seam intuitive that fast
running waves (swell) arriving on light wind
areas will have an impact on the local wind
field, this concept had not been devoted the
proper attention until Harris (1966)
laboratory experiments. During several
experiments performed in an indoor wave
tank, using a mechanical wave generator, it
was noticed that a weak wind immediately
above the waves was always present. He
assumed that this wave induced flow was
the result of an atmospheric stokes drift
induced by the underlying waves. Harris
(1966) named this phenomenon the “wavedriven wind”.
Observations of the air-sea interaction
regime in the presence of swell are relatively
rare and sparse. Nevertheless studies in the
early 1970s from diferent Soviet ocean
campaigns (Volkov 1970; Belinov et al.
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Kudryavtsev and Makin (2004) presented
numerical solutions from a one-dimensional
stationary model for the MABL flow in the
presence of swell. In spite of the fact that
their model for the wave-induced wind
reproduces a low level wind maximum, the
height of the maximum is considerably lower
than what has been found by Smedman et
al. (1999) and Sullivan et al. (2008).

1974) and from LakeMichigan (Davidson
and Frank 1973), from the Baltic Sea
(Smedman et al. 1994, 1999; Rutgersson et
al. 2001), and from several campaigns in the
Atlantic and Pacific Oceans (Donelan et al.
1997; Grachev and Fairall 2001), have
found evidence that the presence of fast
running waves during light winds induces an
upward momentum flux, directed from the
water surface to the atmosphere.

The basic concept behind the wavedriven wind and momentum transfer from
waves into the MABL, is that swell waves
perform work on the overlying atmosphere
as they propagate faster than the wind,
producing a forward thrust on the flow.
Hence swell looses momentum and energy
to the atmosphere as it gradually decays,
accelerating the airflow. Under swell
influence, the wind profile exhibits a lowlevel wind maximum and a negative (or
constant) gradient from there on, violating
the logarithmic wind profile law. The MoninObukhov similarity theory cannot be claimed
as valid in this situation (Miller et al. 1999;
Smedman et al. 2003).

The study from Smedman et al. (1999)
was based on observations collected from a
tower located on the southern tip of the
small island Östergarnsholm, in the Baltic
Sea. During periods of strong swell regime,
upward directed momentum fluxes were
recorded from turbulence sensors. In
addition, wind measurements at several
levels showed a well defined negative wind
gradient above the first measuring level
(around 8 meters high above the mean sea
level). This negative gradient indicated the
presence of a low-level wind maximum in
the lower marine atmospheric boundary
layer (MABL). These findings were in
agreement with what Harris (1966) had
already postulated, saying that it would be
possible that a wave-driven wind might
produce a perturbation on the velocity profile
by increasing the wind velocity in the
direction of wave propagation at low
elevations above the water.

As Hristov et al. (2003) pointed out, the
incomplete
understanding
of
the
atmosphere-ocean interchanging processes
reduces the predictability not only of climate
models, but also of weather and wave
forecasting models. Swell is known to
propagate thousands of kilometers across
entire oceans (Snodgrass et al. 1966),
crossing the tropics and the equatorial
regions where light wind regimes prevail.
The picture that emerges from this feedback
process is of momentum being transferred
from the wind into the ocean at mid and high
latitudes, where storms are more frequent.
Part of this momentum is used in the wave
generation process along storm tracks. As
waves propagate away from their generation
area as swell, some of this momentum is
returned to the atmosphere, mainly at lower
latitudes, in the form of wave-driven winds.
Therefore a better physical understanding of
this process is of considerable interest from
a global climatological point of view.

Up until recently the wave-driven wind
has been looked at an exotic case, as
mentioned by Grachev and Fairall (2001). In
spite of being an intriguing process, the
dominant idea has been that it only occurs in
a thin layer above the water surface, and
that it has presumably no impact on the
dynamics of the atmosphere (Janssen
2004).
Sullivan (2002) and Rutgersson and
Sullivan (2005), using direct numerical
simulations (DNS), and Sullivan et al.
(2008), using large eddy simulations (LES),
investigated the impact of swell on the
MABL. Their findings indicate a stronger
impact of swell on the MABL in agreement
with previous measurements. The impact of
swell, was shown both by measurements
and simulations, not only to generate a
wave-driven wind, but also to influence the
overall turbulence structure of the MABL.

In the present study a model that
reproduces qualitatively and quantitatively
the wave-induced wind is proposed. The
model has no previous assumptions or
restrictions on the turbulence structure of the
surface layer of the MABL. The model is
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Here u and v are the longitudinal and
vertical components of the flow, the brackets
indicate time averaging and the primes and
the tilde denote turbulent and wave-induced
flow fluctuations, respectively. The turbulent
stress will be parameterized as

presented in section 2., along with the
proposal of new parameterizations for the
wave-induced stress at the surface
(expressed as a function of the wave
damping ratio and wave slope), and
variation with height. In section 3 some
basic results and sensitivity tests of the
model are shown.

τturb = K m

2. The model

(5)

K m is the turbulent eddy
viscosity and U is the mean horizontal wind.

For 2-dimensional stationary flow with no
horizontal gradients, it follows from the
principle of conservation of momentum that
the shear stress is constant in the turbulent
boundary layer. The momentum equation
then reads

∂τtot
=0.
∂z

dU
,
dz

Where

The eddy viscosity can be related to the
turbulent kinetic energy, b , and the mixing
length, l , as

Km = l b .

(1)

(6)

Following Kudryavtsev and Makin
(2004), we assume a balance between
shear production, vertical rate of change of
energy flux and dissipation of turbulent
kinetic energy is assumed. The turbulent
kinetic energy budget is then (Tennekes and
Lumley 1972)

Here, z is the vertical coordinate, which
is positive upward and τtot is the total
stress. In the presence of ocean-waves, we
will divide the total stress into turbulent
shear stress ( τturb ) and wave-induced
stress ( τ wave ) (Phillips 1977):

τtot = τturb + τ wave

τtot

(2)

(7)

where ε is the energy dissipation and
B is the buoyancy term (Kraus and

Following Kitaigorodskii (1970) the
kinematic turbulent and wave-induced
stresses are defined as:

τturb = − u ′w′ ,

dU
+ Fw + B − ε = 0 ,
dz

Businger 1994). The wave term in equation
(7) is

(3)

Fw = −

1 d
( pw ) .
ρ dz

(8)

and
Here, p is the fluctuating part of the

 .
τ wave = − uw

pressure due to the waves and is ρa the
density of the air. The energy dissipation
term can be parameterized as

(4)
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ε=

b3 / 2
.
l

when a wave damping is present. The wave
stress will then have the form

(9)

0
τ wave = τ wave
e−2kz ,

Now, combining (1), (2), (4) and (5) we
find a differential equation for the mean wind
speed,

(12)

0
where τ wave is the wave induced stress at

dU τtot − τ wave
.
=
dz
Km

the surface.
(10)

This surface wave stress can be related
to the wave damping thought the rate of
work performed at the surface. For one
harmonic wave component, the energy per
unit area is

Similarly, combining equations (5), (6),
(7) and (9) yields and equation for the
turbulent kinetic energy,

E=

b = τtot ( τtot − τ wave ) + l b ( Fw + B ) .
2

1
ρw ga 2 ,
2

(13)

(11)
where ρw is the water density,
acceleration of gravity and a is
amplitude. The rate of change
energy caused by a surface
proportional to the phase velocity
stress:

Here, the total stress can be negative, i.e
upward directed. This will be the case
whenever the magnitude of the wave stress
is larger than the turbulent stress. The shear
production term in equation (7) may
therefore become negative. The absolute
value of the first term on the right hand side
is taken to avoid such negative production of
turbulent kinetic energy. If the wave stress is
known and the total stress or the wind speed
is specified at one vertical level, equations
(10) and (11) give the wind velocity
distribution with height.

∂E
= ρa cτ 0wave ,
∂t

g is the
the wave
of wave
stress is
times the

(14)

where c is the phase velocity. By linear
theory, the rate of change of wave energy in
decaying waves may be written as

For irrotational waves, the orbital velocity
−2kz
components decay as e
, where k is
the wave number. In this case, the vertical
and horizontal components are 90 degrees
out of phase. The wave stress is then of
course zero. When a small amount of work
is performed at the surface, the velocity
components are slightly phase shifted, as
observed in the Large Eddy Simulations
(LES) of Sullivan et al. (2008), who found an
exponentially decaying wave-induced stress.
Here, the wave stress becomes positive or
negative, depending on the direction of the
energy and momentum fluxes. In this study,
it will be assumed that the vertical decay of
the velocity components is also exponential

∂E
= βE ,
∂t

(15)

Where β is the wave damping
coefficient. When waves loose energy and
momentum to the mean flow, the swell itself
is subject to damping. The wave damping
coefficient β represents the wave energy
loss transferred into the atmosphere. Using
equations (13), (14) and (15), the relation
0
between τ wave and β is found to be

4

1 βga
0
τ wave
=−
2 sc

A simplification of the model can be
presented by assuming an eddy viscosity
that is increasing linearly with height from
the surface as

2

,

(16)

Klm = lu* ,

where s = ρa / ρw .
To the lowest order, the wave damping
process is governed by a linear instability
problem for two dimensional flow described
by the Orr-Sommerfeld equation (Saetra
1998). For inviscid flow this equation is
reduced to the Rayligh equation. This
Rayleigh equation has a singularity at the
critical height, where the phase velocity and
the mean wind speed are equal. For growing
waves, the wave motion experiences a
phase shifted in a narrow region around the
critical height, inducing a pressure work on
the surface and extracting momentum from
the mean flow (Miles 1957). The
observations by Hristov et al. (2003) are a
strong evidence of the critical layer theory as
the main agent for wave growth. For swell,
the critical layer vanishes and the Rayleigh
equation yields only a stable solution. To
find the wave damping in this case, the full
Orr-Sommerfeld equations must be solved.
For this matter the parameterization of the
wave damping parameter β remains an
opened problem. Although some laboratory
experiments have been done (e.g. Doneland
(1999), a consensus on the attenuation rate
of the energy of fast running waves is still
missing.

where

u* =

(20)

l = κz ,

(21)

where κ = 0.41 is the von Karman
constant. The solution to equation (10) can
then be written as

τ 0wave

⎛ z ⎞
τ
U ( z ) = tot ln ⎜ ⎟ −
u* κ ⎝ zo ⎠ u* κ

z

∫

e−2kz
dz ,
z

zo

(22)
where z0 is the aerodynamic roughness
length. In addition to the traditional
logarithmic solution, a swell induced term is
now present.

3. Results- general behavior of the model

(17)

In this section general model results,
along with some model sensitivity tests, are
presented. Both wind velocity profiles from
equations (10) and (22) are investigated
using the eddy viscosity with vertical
distribution of TKE ( K m ) from equation (6),

Accordingly, the pressure perturbation
term in equation (7) becomes

0
Fw = −2kcτ wave
e−2kz .

τtot .

and the mixing length is

As τ wave , the energy flux in equation (8)
is also related to the rate of work:
0
 = ρa cτ wave
− pw
e−2kz .

(19)

and the linearly increasing with height eddy
viscosity ( Klm ) from equation (19),

(18)

respectively.
The
atmospheric
input
parameters to the model are an upward
directed momentum flux (or total stress)
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τtot = -10 -2 m 2 s −2 ,

a

wave

damping

-5 −1
coefficient β = -5 × 10 s
(following the
same order of magnitude as in Kudryavtsev
and Makin (2004)), and a constant
roughness
length
z0 = 10 -5 m .
A
monochromatic wave field, with amplitude
a = 1m
and
wave

number k = 0.1m

−1

(resulting

in

a

wave

−1
phase speed c = 9.9ms ) is also used.
Neutral stratification is assumed, so that the
buoyancy term on equation (11) can be
neglected. From these input parameters, the
values at the surface for the wave-induced
stress, from equation (12), and wave energy
flux,
from
equation
(16)
are
0
−2
τ wave = −2.12 × 10
and
0
Fwave
= −1.72 × 10 −1 , respectively. The

Figure 1. Wind profiles with the K m (dashed line) and

K lm (dot-dashed line) formulations. The heights of the
wind maxima (circle for the K m formulation and triangle
for the K lm formulation) are the same.

two wind speed profiles are shown in figure
1. A distinctive wave-induced low level wind
maximum is present in both cases. The
profile calculated using Klm (dot-dashed
line) has a more pronounced bulge and
higher wind speed at the maximum than the
profile evaluated with the K m formulation.
The heights of the wind maxima are the
same for both cases ( z = 3.3 m ), following
equation (10). The wind speeds at the
−1
−1
and 3.5 ms , for
maxima are 2.4 ms
the formulations with

K m and

Klm ,

respectively.
The vertical profiles for the two eddy
viscosity formulations are shown in figure 2
(dashed and dot dashed lines for K m and

Klm , respectively). The inclusion TKE on
the K m formulation results on an

Figure 2 . Vertical profiles of the two eddy viscosity
profiles, with TKE, K m (dashed line) and linear, K lm
(dashed line).

enhancement of the eddy viscosity up to
about 25 meters, compared with the linearly
increasing with height Klm formulation. The

The vertical profiles of the total stress
and its components (turbulent and waveinduced stresses) for the Klm formulation

immediate result is a vertical diffusion of
momentum. This turbulence diffusion leads
to a less pronounced wind speed maximum,
as can be seen in figure 1. The lower value
of wind speed at the maximum is also
related to the diffusion of momentum.

(related to the dot-dashed wind profile in
figure 1), are plotted in figure 3. In this figure
the total stress (vertical full line) is constant
with height, and the wave-induced stress
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higher loss of energy from the waves into
the atmosphere, lead to higher wind speeds
and to a raise in the height of the wind
maxima (wind profiles in dashed lines on
figure 4. The opposite effect, with lower
values of β and consequently less energy
loss from the waves lead to lower wind
speeds and to lower heights of the wind
maxima. The horizontal shift of the wind
profiles on figure 4 occurs due to the fact
that only β is varied and all the remaining
parameters are kept unchanged, which is in
a way unphysical, since the wave damping
is a function of several parameters, mainly
the wave field characteristics (wave phase
speed and slope).

(dashed line) is evaluated using the input
parameters from equations (12) and (17).
The turbulent stress (dot dashed line) is
computed from τturb = τtot − τ wave . The
decaying turbulent stress is related to the
shape of the wind profile. Below the height
of wind maximum the wind gradient is
positive, but the wind shear is decaying. At
the exact height of the wind maximum there
is no wind shear, corresponding to the
height where τturb = 0 . Above the height of
the wind maximum the wind gradient
becomes negative, driving a negative wind
shear and consequently a negative turbulent
stress.

Figure 3. Vertical profiles of the total stress, constant
(full line), wave-induced stress (dotted line), and
turbulent stress (dot-dashed line). The height where
τturb = 0 corresponds to the height of the maxima on

Figure 4. Model sensitivity tests to β variations. The
circles represent the height of the wind maxima. The full
line is the reference profile, with the original value of the
wave damping parameter ( β = 5 × 10 -5 s −1 ). The dashed
line profiles represent the wind profiles resulting from

both modeled profiles on figure 1.

variations of β ( Δβ = 3 × 10 −6 s −1 ).

Model sensitivity tests to the variability of
the wave damping parameter, the wave
slope and the roughness length (using the
model formulation from equation (22)), are
performed. The model response to
variations of β is shown in figure 4. The

The model response to wave slope
variations is evaluated in a similar manner
as for the β variations. The original profile
computed with a wave slope ak=0.1 is
shown as full line on figure 5, and the model
response to wave slope variations
−3
( Δak = 5 × 10 )
is
then
evaluated,
keeping in mind that steeper waves will
perform more work on the atmosphere than
more gentle ones. The wave slope is varied
having the remaining parameters constant.

-5 −1

original profile with β = 5 × 10 s
is
shown as a full line. The wave damping
parameter
was
then
varied
−6 −1
( Δβ = 3 × 10 s )
keeping
all
the
remaining
parameters
unchanged.
Increasing values of β , corresponding to a
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variation on the wind speed only, and not on
the height of the wind speed maxima, as can
be seen in figure 6. Larger values of z0 will

For increasing values of wave slope,
corresponding to steeper waves, higher
wind speeds and higher wind speed maxima
(wind profiles in dashed lines on figure 5)
are generated. Less steep waves, lead to
lower wind speeds lower heights of the wind
speed maxima. The horizontal shifting of the
wind profiles has the same explanation as
for β variations.

give rise to lower wind speed values, and
the opposite to higher wind speed values.

Figure 6. Model sensitivity tests to roughness length
variations. The wind profile with the Charnock (1955)
formulation, is taken as the reference profile (full line
and diamond at the wind maximum). The remaining
formulations (from table 1.), represented in dashed
lines, are the Kudryavtsev and Makin (2004)
formulation (circle), the Maat et al. (1991) formulation
(triangle), the Donelan (1990) formulation (inverted
triangle), and the Smith et al. (1992) formulation
(square).

Figure 5. Model sensitivity tests to wave slope
variations. The circles represent the height of the wind
maxima. The full line is the reference profile, with the
original value of the wave slope parameter ( ak = 0.1 ).
The dashed lined profiles represent the wind profiles
resulting from variations of wave slope ( Δak = 5 × 10 −3 ).

Table 1. Aerodynamical roughness length formulations
used on the model sensitivity tests to the variability of
zo .

The fact that the wind profile over the
ocean, under swell conditions, is no longer
logarithmic makes the correct evaluation of
the roughness length a cumbersome
problem (Smedman et al. 2003, their figures
3 and 7). For the model sensitivity tests to
roughness
length
variations
several
formulations are used (table 1). The profile
using the Charnock (1955) formulation is
taken as a reference and is shown as a full
line. The remaining plots are shown as
dashed lines. The effect of roughness length
variations was different than the one
obtained with the variations of β and the
wave slope. The impact is no longer caused
by the wave-induced part of equation (22)
(second term on the right-hand side), but by
the logarithmic component of the profile.
Variations of z0 will therefore lead to

Reference

Formulation

Kudryavtsev and
Makin (2004)

zo = ( 0.1ν / u* ) + ( 0.012u*2 / g )

Maat et al. (1991)

zo = 0.8u*2 ( u* / c p )1.0

Charnock (1955)

zo = αu*2 / g

Doneland (1990)

zo = 1.84σ( u* / c p )2.53

Smith et al. (1992)

zo = 0.48u*2 ( u* / c p )1.0

4. Summary
The model presented in the present
study
reproduced
quantitatively
and
qualitatively the swell effect on the
atmospheric flow, namely the generation of
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Grachev, A. A. and C. W. Fairall, 2001:
Upward momentum transfer in the
marine boundary layer. J. Phys.
Oceanogr., 31, 1698–1710.

a wave-induced wind and a wind maximum.
The height of the maxima is in good
agreement (same order of magnitude) with
the most recent field observations and LES
findings.
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